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Abstract 
The inorganic carbon cycle in the Red Sea has been examined based on various datasets from 

six different years during the period 1977 and 2007. The study has been performed parameter 

wise, and the processes biological production/remineralization (soft tissue and hard parts), 

calcium carbonate sedimentation, air-sea gas exchange, and evaporation/precipitation have 

been considered. 

 

The surface water was relatively warm in the central part of the Red Sea due to wind 

convergence, and colder towards the south and north due to influence of relative cold Gulf of 

Aden water and net evaporation, respectively. The surface salinity increased all the way from 

the south towards the north, due to evaporation, and this explained the major part of the 

northwards increasing concentration in both surface AT and DIC. The surface AT was, in 

addition slightly influenced by biological production. Air-sea CO2 exchange was believed to 

influence the surface DIC, however, this effect seemed to be hidden in the random error of the 

observed data. For the deep water, the AT concentration was mainly influenced by calcium 

carbonate sedimentation, while remineralization/respiration could explain the major part of 

the DIC variations observed. 

 

fCO2 was positively correlated to the sea surface temperature. During the period 1977 - 2007, 

the fCO2 of the water increased at a similar rate as the atmospheric fCO2, however, while the 

atmospheric CO2 increase had obvious reasons, the oceanic increase most likely was a result 

of an increase in surface temperature.  

 

Air-sea CO2 flux was calculated, and the Red Sea was in general a small source for 

atmospheric carbon for all years except 1991 and 1992, when the southern parts of the ocean 

appeared as a large source and the northern part had turned into a small sink for atmospheric 

carbon. This particular situation in the north was connected to strong NNW wind and 

subsequent upwelling in the north during these two years. 
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1. Scientific background 
 

The aim of this thesis has been to study the distribution of inorganic carbon cycle 

parameters in the Red Sea area and how they vary in time and space naturally and as a 

function of increasing atmospheric CO2 levels. Data from six cruises have constituted 

the general analytical background covering a period of 30 years (between 1977 and 

2007). The main motivation for selecting this area is the special features found here; it 

is an area for CO2 release to the atmosphere, it is an important calcification area, and 

an area for warm deep water formation. Further, the Red Sea has vulnerable coast line 

and coral reefs and it is one of the most important repositories of biodiversity in the 

world. The carbon chemistry influences and is influenced by most of above 

mentioned features of the Red Sea.  
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2. Description of the Red Sea   
 
 
The Red Sea is an important international water body that separates the northeastern 

Africa from the Arabian Peninsula (Fig. 2.1). It has since ancient times been a source 

of food for the coastal population and a maritime, trading, and cultural route. The Red 

Sea in general comprises the most unique coastal and marine environments. It is one 

of the most important repositories of biodiversity in the world. Its relative isolation 

and varying physical conditions have given rise to an extraordinary range of 

ecosystems and biological diversity. The most notable features of the sea are complex 

coral reefs systems and their associated fauna and flora including several important 

endangered species (e.g. sea grass beds, salt pans, mangroves and salt marches). The 

common and local Arabic name for this sea is Al Bahar Al Ahmar. 

 

The Red Sea has been formed as a part of the African Rift System. It lies between arid 

land, desert and semi-desert. It extends from the Strait of Bab Al Mandab at 12.5°N to 

Ras (cape) Mohammed at the southern part of Sinai Peninsula at 28°N. At this point 

the Red Sea splits into two branches, one directed northeastwards and called the Gulf 

of Aqaba and the other directed to the northwest and called the Gulf of Suez (Table 

2.1). The Red Sea’s only link to the open ocean in the south is through the Strait of 

Bab Al Mandab (Bab means door in Arabic) into the Gulf of Aden and the Indian 

Ocean.  

 

The strait of Bab Al Mandab is a shallow and narrow channel. The shallowest section 

of Bab Al Mandab Strait consist Hanish sill which is located 150 km to the north of 

the narrowest passage near Perim Island (Fig. 2.1) (Table 2.1). The Red Sea 

exchanges its water masses with the Arabian Sea and the Indian Ocean via the Gulf of 

Aden. This transport is number of magnitudes larger than the transport through the 

Suez Canal in the north, which connects the Mediterranean Sea with the Gulf of Suez 

and the Red Sea (Sofianos and Johns, 2002).  

 

Irregular, eroded escarpments face seaward from the uplifted rift shoulders that flank 

the Red Sea. The rift shoulders average 1000−3000 m in elevation and expose Late 

Precambrian granitic, metamorphic, and volcanic rocks. The total width of the rift  
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Fig. 2.1 Map showing the location and bathymetry of the Red Sea, arrows 
indicate prevalent wind directions for summer (thick arrows) and winter (thin 
arrows). Bab Al Mandab Strait is indicated in the figure.  

Sinai 
Peninsul
a 
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occupied by the Red Sea increases from about 250 km in the north to 500 km in the 

south. The Red Sea consists of narrow marginal shelves and coastal plains and a 

broad main trough with depths ranging from about 400 to 1200 m. South of 20°N on 

the eastern side and 17°N on the western side, shallow reefs and carbonate banks 

nearly fill the entire main trough. Carbonate reefs are situated along the entire length 

of the Red Sea, but are confined to near shore areas further north. From 15°N to 20°N, 

the main trough is bisected by a narrow (60 km wide) axial trough with very rough 

bottom topography and depths greater than 2000 m (Cochran, 2002). 

 
Table 2.1 The Red Sea in numbers.  
Area Fact Fact in 

number 
Reference 

Total surface area  
 

4.5 · 1011 m2 Patzert, 1974a 

Length  
 

1930 km Patzert, 1974a 

Average width 
 

220 km Patzert, 1974a 

Red Sea 
 
 
 

 

Maximum depth 
 

2920 m Morcos, 1970 

Length  
 

175 km Cochran, 2002 Gulf of Aqaba 

Depression depths 
 

1100-1400 m Edwards,1987 

Length 
 

300 km Cochran, 2002 Gulf of Suez   

Range depth  55-73 m Edwards,1987 

Average depth 300 m Maillard and 
Soliman, 1986 

Narrowest width  18 km Murray and 
Johns, 1997 

Bab Al Mandab 
Strait 

Sill depth  
 

137 m Werner and 
Lange, 1975 

 

The climate of the Red Sea is the result of two distinct monsoon regions. Monsoon 

winds occur because of the different heating between the land surface and sea. In the 

northern part of the Red Sea (between 19°N and 30°N) a northwesterly monsoon 

(NNW) is controlled by the eastern Mediterranean weather systems (Pedgley, 1974) 

and here the wind blows from the northwest all year around. From June through 
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August the northwesterly wind is reaching further south than the rest of the year, and 

at occasions these winds extend as far south as the Bab Al Mandab Strait (Fig. 2.2). In 

the southern part (south of 14°N) a southeasterly monsoon (SSE) is controlled by the 

Indian Monsoon system. Here, the wind direction is reversed from southeasterly 

during winter to northwesterly during summer (Fig. 2.2b). These wind systems are 

connected to movements of water masses as will be explained below. In the central 

region a very weak wind are found where the wind field is convergent for most of the 

year (Fig. 2.2a).  

  

     
Fig. 2.2 Monthly mean wind stress (a) at Red Sea surface (dynes per square 

centimeter) from Patzert (1974), and the monsoon system in the Gulf of Aden 

and Arabian Sea (b) during winter (December) and summer (July) as described 

in Honjo and Weller (1997). Note that wind stress and wind speed have same 

direction.  

 

a

b b 
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The rain fall over the Red Sea and its coasts is extremely low averaging about 0.06 m 

per year; the rain is mostly in the form of showers of short spells often associated with 

thunder storms and occasionally with dust storms. 

 

2.1 Hydrography of the Red Sea 
2.1.1 Water masses and exchanges with adjacent seas 
There are four dominant water masses in the Red Sea which are affected by two 

dominant masses in the Gulf of Aden (Table 2.2). The first hypothesis about the 

exchange through Bab Al Mandab was that a two layer exchange must persist 

throughout the year. In July 1929, an Italian expedition was carried out on board the 

R/V Amiraglio Magnaghi, and Vercelli (1931a, 1931b) demonstrated for the first time 

the presence of a three-layer exchange during the summer. These findings were based 

on current measurements along the strait. RSOW (Red Sea Overflow Water) was 

observed to flow out of the Red Sea at the Bab Al Mandab Strait throughout the 

whole year (Pratt et al., 1999). Between November and early June (winter regime) this 

outflow is balanced simply by an inflow of GASW (Gulf of Aden Surface Water) 

(Fig. 2.3) and evaporation (0.025 Sv) from the Red Sea (Souvermezoglou et al., 

1989). From June to October (summer regime) the southwesterly wind provoke an 

upwelling of GAIW (Gulf of Aden Intermediate Water) to the south of the strait 

(Smeed, 1997), as it moves towards the Red Sea. The flux of GAIW towards the Red 

Sea eventually becomes greater than the outflow of RSOW (Fig. 2.3). During 

summer, when the northwesterly winds extend as far south as the Bab Al Mandab 

Strait an outflow of RSSW (Red Sea Surface Water) is induced. The winter surface 

inflow of GASW is forced to reverse in order to balance the inflowing GAIW and 

with evaporation from the Red Sea of 0.035 Sv the volume budget is balanced 

(Souvermezoglou et al., 1989; Smeed, 1997; Sofianos et al., 2002). The surface layer 

transport, averaged across the basin, is relatively weak (about 0.4 Sv) and decreasing 

slowly to the north and south of 18°N. 

 

The exchange through the Suez Canal is not of importance to the water and salt 

budget of the Red Sea; however some interesting details are worth mentioning. Wüst 

(1934) points out that any flow of water through the Suez Canal is greatly 

complicated by the fact that the canal passes through several lakes (the Bitter Lakes) 



 7 

on its way from the Mediterranean to the Gulf of Suez. The bottom of the lakes 

consist of layers of salt which are gradually being dissolved, thus increasing the 

salinity of the waters in the canal to a concentration above that of the Red Sea or 

Mediterranean Sea waters. In October-December the salinity at the surface of the 

canal above the Great Bitter Lake is as high as 50 and at the bottom it is above 55. 

The flow through the Suez Canal is mainly determined by the difference in sea level 

between the Red Sea and the Mediterranean Sea and prevailing local winds. The sea 

level is higher at Suez by the Red Sea than at Port Said by the Mediterranean, except 

in July–September, which is why the surface flow is directed from the Red Sea to the 

Mediterranean in all seasons except in July–September, when it is reversed. 

 

Table 2.2 Water masses in the Gulf of Aden and the Red Sea. 

Name   Symbol   Description and properties  

Gulf of Aden 

Surface Water 

GASW � The parent of the Red Sea water especially at 

winter time, with a salinity of about 36.5 

Gulf of Aden 

Intermediate Water 

GAIW � Enters into the Red Sea in the summer as upwelling 

water, with an average salinity of 35.6 and high 

nutrients and total carbon 

Red Sea Surface 

Water 

RSSW � Formed by GASW. The salinity starts at 36.5 and 

as a result of high evaporation the salinity 

increases northwards until it becomes more than 

41 in the Gulf of Aqaba and the Gulf of Suez 

Red Sea Water 

(Red Sea 

intermediate water) 

RSW � Formed by RSSW in the shelves, and this layer 

lies above the Red Sea Deep Water and has a 

salinity of 40.4 
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Red Sea Deep 

Water 

RSDW � Formed by sinking due to intense wintertime 

evaporation of the RSSW, the average salinity is 

40.6 

Red Sea Overflow 

Water 

RSOW � Emerges from the Red Sea to the Gulf of Aden via 

the Strait of Bab Al Mandab, it consist of RSW 

and RSDW 

 

 

 

 

Fig. 2.3 Schematic of the winter and summer exchange regimes (Smeed, 1997). 

 

2.1.2 Currents and tides 
The main current feature in the south is a mesoscale gyre with its center located 

between 15°N and 16°N which reverses from an anticyclonic rotation during winter 

(Fig. 2.4) to a cyclonic rotation during the summer (Fig. 2.5). During winter the 

strong SSE winds present in the southern Red Sea cause a large surface inflow from 

the Indian Ocean and the mean meridional transport at the surface is directed 

predominantly to the north (Fig. 2.4). At each side a boundary current exists, flowing 

0.38 Sv 

0.352 Sv 

0.19 Sv 

0.06 Sv 

0.1 Sv 
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northwards. During summer, when the direction of the winds over the southern Red 

Sea and the Gulf of Aden is reversed, the northward western boundary current 

disappears in the southern part of the Red Sea. It is during this season that the surface 

flow reverses and a strong intermediate inflow of the fresher and colder GAIW takes 

place. During transition periods, currents are weakest and most variable. In all 

seasons, hydrographic observations and velocity measurements show that surface 

circulation consists of a series of cyclonic and anticyclonic gyres that disappear and 

reappear at preferential locations (Morcos and Soliman, 1974; Quadfasel and Bauner, 

1993) as a consequence of the wind field which is steered by the adjacent topography. 

Thus, density forcing and wind interact at different times and places to generate a 

rather complex surface circulation pattern (Sofianos and Johns, 2003). 

 

 

 

Fig. 2.4 Mean surface circulation in the winter from MICOM simulation 

(Sofianos and Johns, 2003). 
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Fig. 2.5 Mean surface circulation in the summer from MICOM simulation 

(Sofianos and Johns, 2003). 

 

As a result of great excess of evaporation over precipitation the surface water 

becomes very saline and dense, and saline intermediate and deep waters are formed. 

The intermediate water is formed at all latitudes and particularly the large continental 

shelves in the southern Red Sea are most likely an important formation site. Tracer 

studies show that the subsurface circulation is largely affected by the strong seasonal 

modulation of the monsoon (Eshel et al., 1994). In the Gulf of Aqaba and particularly 

in the shallow Gulf of Suez where salinities are found to exceed 41, denser waters are 

formed. A part of these waters is injected below the pycnocline and give rise to a 

southward flowing current at intermediate depth (Cember, 1988). A smaller portion, 

formed in the winter season when surface temperatures are at their lowest, is able to 

sink to the bottom as a slope convective current and feeds the deep thermohaline 

circulation (Fig. 2.6 and Fig. 2.7). This represents the densest water of the Red Sea 

basin.  
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                      Fig. 2.6 Sketch of the Red Sea circulation (Baptiste et al., 2004). 
 
 
 
 
 

 

Fig. 2.7 Schematic of the process important for the deep water formation in the 

northern Red Sea (Woelk and Quadfasel, 1996). 

 

Generally, in the Red Sea the tide ranges between 60 cm in the north, near the mouth 

of the Gulf of Suez and 90 cm in the south near the Gulf of Aden. A six-hours time 

difference exists between tide times in the southern areas and the northern areas 

(Morcos, 1970). Tidal range in the Sudanese Red Sea is oscillating between 50 cm or 

less during summer and about 90 cm or less during winter (Elhag, 1999).  

 

 

Bab Al 
Mandab 
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2.2 Physico-chemical properties   
Very high surface temperatures coupled with high salinities makes the Red Sea one of 

the hottest and saltiest bodies of seawater in the world. The average surface water 

temperature of the Red Sea during the summer is about 26°C in the north and 30°C in 

the south, with only about 2°C colder temperature during the winter months (Sofianos 

and Johns, 2002). Towards the southern and northern ends of the Red Sea the lowest 

sea surface temperatures (21°C - 26°C) are found. The highest surface temperatures 

(28°C - 34°C) are found to the south of the center of the Red Sea basin (Fig. 2.8a). 

This is related to the very weak wind speed observed in the central region of the Red 

Sea where the wind field is convergent for most of the year. Below about 300 m the 

temperature is about 21.5°C all the way to the bottom, and this represents the warmest 

deep water body of the world ocean (Fig.  2.8b). 

 

The annual mean heat flux from the surface of the Red Sea is very small (11 ± 5 W 

m−2) (Patzert, 1974b), but the seasonal variability is large and more than 200 W m−2 

(Tragou et al., 1999).  Although all previous studies agree that the evaporation over 

the Red Sea far exceeds the precipitation, the actual E–P rate is highly debated, 

ranging in the available literature from 1.5 to 2.3 m yr−1 (Yegorov, 1950; Neumann, 

1952; Privett, 1959; da Silva et al., 1994; Tragou et al., 1999; Sofianos et al., 2002). 

 

As a result of high evaporation and low precipitation, surface salinity is increasing 

from the south (36.0) to the north (>41.0), Fig. 2.9a. The central and southern Red Sea 

is characterized by a strong halocline which is generally absent from the northern 

areas, Fig. 2.9b.  Subsurface water layers below 200 m depth are isothermal (21°C-

22°C) and isohaline (about 40.6) which is attributed to the northern convection 

processes (see section 2.1.2) and limited exchange with the Indian Ocean 

(Siedler,1968). Stability of water column and relatively strong thermocline especially 

during summer may affect replenishment of nutrients from deeper to shallower water 

layers (Weikert, 1982; Dowidar, 1984). 
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  Fig. 2.8 Temperature of the surface (a) and vertical potential temperature (°C) 

(b) of the Red Sea, from MICOM simulation (Sofianos and Johns, 2002). 

    
Fig. 2.9 Salinity in the surface (a) and vertical (b) of the Red Sea, from MICOM simulation 

(Sofianos and Johns, 2002). 

b 

a 

b 
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The dissolved oxygen concentration in the surface water of the Red Sea is close to 

saturation concentration, which is in the range of 4.8 to 6.5 ml of oxygen per liter sea 

water (ml l-1) depending on the temperature and the salinity. The saturated layer 

extends in general to about 100 m depth, but in the shallower Gulf of Suez it extends 

to the bottom. Below the saturated layer in the Red Sea, there is a layer of minimum 

dissolved oxygen concentration (10-25 %) which corresponds to the oldest water in 

the Red Sea, and below this layer the dissolved oxygen concentrations are increasing 

towards the bottom (Fig. 2.10). Highest deep values are found in the north due to deep 

water convection in that area. Neither the Gulf of Suez nor the Gulf of Aden has any 

oxygen minimum, while in the Gulf of Aqaba there is a gradual decline with depth but 

never below about 50 % saturation (Quadfasel and Baunder, 1993). 

 

 
Fig. 2.10 The vertical distribution of the dissolved oxygen concentration (ml l-1) 

in the Red Sea during winter (Cember, 1988). 

 

Nutrients are important for the existence of marine life. The nutrient concentrations in 

the Red Sea are in general low, especially in open waters. The low concentration can 

be attributed to few rivers entering the Red Sea and low rainfall in the area. Most of 

the Red Sea waters have been considered as oligotrophic with exception of small 

areas off the Sinai Peninsula and the southern transition area between the Red Sea and 

the Indian Ocean (Thiel et al., 1986). Typical concentrations of nitrate and phosphate 

in the open sea of the Red Sea water are 1.0 µmol l-1 and 0.2 µmol l-1, respectively. In 

the southern part, where the water is influenced by water from the Gulf of Aden, the 

nutrients values are higher. High levels of nitrite and ammonia have been recorded in 
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the upper water, which can be considered as an indicator of high bacterial activities. 

The data from Saudi Arabian costal waters suggests that seasonal variations in 

nutrient concentrations occur near the shore and that eutrophication is a result of 

anthropogenic inputs. Near the coast of Sudan nutrient concentrations are in the range 

of 1.5 - 4.0, 0.06 – 1.0, 4.0 – 16.0, and 0.1 – 0.40 µmol l-1 for nitrate, phosphate, 

silicate, and nitrite, respectively (Dowidar, 1984; Nasr et al, 1987). 
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3. The marine inorganic carbon system 
 
Carbon is an essential component of human bodies, the food we eat, the clothes we 

wear, most of the fuel we burn, and many other materials that we use. Over 90% of 

the known chemical compounds contain carbon. This is not surprising since carbon 

combines very easily with other elements and with itself. 

 

 
Fig. 3.1 The global carbon cycle with reservoirs in Gt C (black numbers) and 
fluxes in Gt C/yr (violet  numbers). 
(Illustration courtesy NASA Earth Science Enterprise).   
  
Carbon is continuously cycled between reservoirs like the ocean, the land, and the 

atmosphere (Fig. 3.1), and occurs in the latter primarily as carbon dioxide. On land, 

carbon occurs primarily in living biota and as decaying organic matter, and in the 

ocean, the main form of carbon is bicarbonate (HCO3
-) and organic compounds. The 

largest reservoir is the deep ocean, which contains close to 40,000 Gt C (1Gt = 1x109 

tons of carbon), compared to around 2,000 Gt C on land, 750 Gt C in the atmosphere, 

and 1,000 Gt C in the upper ocean. The atmosphere, biota, soils, and the upper ocean 

are strongly linked. The exchange of carbon between this fast-responding systems and 
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the deep ocean takes long time (several hundred years) because mixing between upper 

and deep layers is a slow process.   

 

In general, the ocean takes up carbon dioxide from the atmosphere at higher latitudes, 

and releases it near the tropics. Terrestrial photosynthesis takes carbon dioxide from 

the atmosphere and transfers it to vegetation, while respiration releases carbon dioxide 

back into the atmosphere. Although natural transfers of carbon dioxide are 

approximately 20 times greater than those due to human activity, they are in near 

balance, with the magnitude of carbon sources closely matching those of the sinks. 

The additional carbon (anthropogenic CO2) resulting from human activity such as 

burning of fossil fuels and cement production is the cause of rising atmospheric 

carbon dioxide concentration over the last 150 years. 

 

Most of the sun's energy that reaches the Earth's surface is in the visible light interval 

of the electromagnetic spectrum. This is in large part because the Earth's atmosphere 

is transparent to these wavelengths (with a functioning ozone layer, the higher 

frequencies like ultraviolet are mostly screened out). Part of the sunlight is reflected 

back into space, depending on the albedo or reflectivity of the Earth’s surface. The 

surface absorbs shortwave sunlight and emits infrared radiation (IR) which has lower 

frequency than visible light. While the dominant gases of the atmosphere (nitrogen 

and oxygen) are transparent to IR radiation, the so-called greenhouse gasses, 

primarily water vapor (H2O), carbon dioxide (CO2), and methane (CH4), absorb the IR 

radiation, and this process results in a global surface temperature that is higher 

compared to what it would have been without greenhouse gasses.   

 

Carbon dioxide follows Henry’s law, which means that an increase in the atmospheric 

level of CO2 increases the concentration of CO2 in the surface oceans. Carbon dioxide 

in the atmosphere is a chemically un-reactive gas but, when dissolved in seawater, it 

becomes reactive and takes part in several chemical, physical, biological, and 

geological reactions, many of which are complex. Fig. 3.2 is a simple sketch of the 

chemical reactions that occur when CO2 dissolves in seawater. CO2 first reacts with 

seawater and forms carbonic acid (H2CO3). This is not a complete reaction and 

therefore seawater contains some CO2(aq). Carbonic acid dissociates which adds one 

H+ to solution along with HCO3
- (bicarbonate). These increment in H+ concentration 
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cause some CO3
2- (carbonate) to react with H+ to become HCO3

-.  In conclusion, the 

net effect of the dissolution of CO2 in seawater is to increase concentration of H+, 

H2CO3 and HCO3
-, while decreasing concentration of CO3

2-, and the balance between 

the components equilibrium determines the pH (to be defined in section 3.1) (Riley 

and Chester, 1971). At normal condition (pH~ 8.1) about 90% of inorganic carbon 

exists as HCO3
- and about 9% as CO3

2-. 

   

                             
Fig. 3.2 Schematic of the chemical reactions occurring when carbon dioxide 

dissolves in seawater.    

 

3.1 Measurement variables for the marine carbon cycle 
The marine inorganic carbon system is described by the following four variables; total 

dissolved inorganic carbon (DIC), total alkalinity (AT), fugacity of carbon (fCO2), and 

pH. If two variables and the equilibrium constants of the system are known the other 

two variables can be calculated.  

 

According to DOE (1994) DIC (also named TCO2 or CT or �CO2) is defined as the 

summation of dissolved forms of carbon;  

 

                                   [ ] [ ] [ ]−− ++= 2
33

*
2 COHCOCODIC                                    (3.1) 

 

where [CO2]* is the sum of [CO2] and [H2CO3], which are analytically impossible to 

distinguish from one another. The total dissolved inorganic carbon is relatively 
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depleted in surface water and relatively enriched in the deep water, firstly because the 

formation of organic matter by planktonic marine organisms removes carbon from the 

surface water while its subsequent decomposition in depth adds carbon to the deep 

water; secondly the formation and subsequent dissolution of calcium carbonate 

skeletal material has a similar effect i.e. it removes carbon from the surface and adds 

it to the deep water;  thirdly CO2 solubility increases with decreasing temperature and 

since deep water is colder it contain more carbon per unit volume than warm surface 

waters.  

 
The definition of total alkalinity, according to Dickson (1981) is "the number of 

moles of hydrogen ion equivalent to the excess of proton acceptors over proton 

donors in one kilogram of sample " i.e.; 

 

[ ] [ ] [ ] [ ] [ ] [ ]
[ ] [ ] [ ] [ ] [ ] [ ] [ ]434343

3
4

2
44

2
33 2)(2

POHHFHSOHHSNHSiOH

POHPOOHOHBCOHCOA

F

T

−−−−++

++++++=
−+−−

−−−−−−

                  (3.2)                                                        

 

where [H+]F is the free concentration of H+ ions. The largest and most important part 

of the total alkalinity in the seawater is defined as: 

 

                  [ ] [ ] [ ] [ ] [ ]FT HOHOHBCOHCOA +−−−− −+++= 4
2
33 )(2                       (3.3)                                                    

 
Total alkalinity is lower in surface waters than in the deep waters because it is 

reduced by calcification process (see section 3.2.2) and only slightly affected 

(increased) by production of particulate organic matter through the hydrogen ion 

consumed during photosynthesis. Fig 3.3 shows the direction of change in DIC and 

AT during different marine processes, and it shows e.g. that during calcium carbonate 

formation both AT and DIC decrease, while during photosynthesis AT increases while 

DIC decreases. Air-sea gas exchange only effects the DIC of the water.  
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Fig. 3.3 Effects of pH and total alkalinity changes on the carbon system (from 
Zeebe and Wolf-Gladrow, 2001). 
 
Partial pressure of CO2, pCO2, relates to the pressure in an air parcel which is in 

equilibrium with the ocean. Fugacity of CO2, fCO2, differs from pCO2 in that it takes 

the non-ideal behaviour of the gas in to consideration. The difference between pCO2 

and fCO2 is less than 0.5% under the conditions encountered in the oceans. The 

relation between pCO2 and fCO2 is given by Zeebe and Wolf-Gladrow, 2001: 

 

                       )
2

exp(22 RT
B

PpCOfCO
δ+=                                                    (3.4) 

 

where fCO2 and pCO2 are in µatm, P is the total atmospheric pressure in Pa (1 atm 

=101325 Pa), B is the first virial coefficient of CO2 and � is the cross virial 

coefficient, both are in m3 mol-1, R=8.314 J K-1mol-1 is the gas constant, and T is the 

absolute temperature in Kelvin. B has been determined by Weiss (1974): 

 
63522 10)1016528.31027957.30408.1275.1636( −−− ⋅+⋅−+−= TTTB                 (3.5) 

 

and � equals: 

 

                 610)118.07.57( −−= Tδ                                                                (3.6) 
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The common definition of pH is the negative logarithm of hydrogen ions 

concentration in gram atoms per liter: 

 

                              [ ]+−= HpH log                                                                (3.7) 

 

It ranges from 1 to 14, with the lowest part of the scale being acidic and the highest 

being basic. The pH of natural water is 7 at 25°C and seawater is slightly basic (pH � 

8). The relative proportion of CO2, HCO3
-, and CO3

2- reflects the pH of seawater, 

which is maintained within relatively limits, 7.5 – 8.5 (Fig. 3.4). For instance, from 

Fig 3.4 we can see that at pH = 8.2 the grey broken line intersects the CO2, HCO3
- and 

CO3
2-  curves at concentration values of  about 2000, 310, and 10 µmol kg-1. That is, 

the relative proportions of CO2, HCO3
-, and CO3

2- at this particular pH are 86%, 13% 

and 1%, respectively.  

 
Fig. 3.4 Relative proportions of the three inorganic forms of CO2 dissolved in 

seawater. The shaded area indicates the range of pH for the sea water. 

 

DIC operates as a natural buffer to the addition of hydrogen ions; this is called the 

"carbonate buffer". If an acid (such as CO2) is added to seawater, the hydrogen ions 

react with carbonate (CO3
2-) ions and convert them to bicarbonate (HCO3

-); 

 

                          +−− +↔ HCOHCO 2
33                                                           (3.8) 
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This reduces the concentration of hydrogen ions such that the change in pH is much 

less than would otherwise be expected. When atmospheric CO2 dissolves in seawater, 

the oceans acidity increase slightly but, because of the carbonate buffer, the resultant 

solution is still slightly alkaline. The capacity of the buffer to restrict pH changes 

diminishes as increased amounts of CO2 are absorbed by the oceans. This is because 

when CO2 dissolves, the chemical processes that take place consumes some carbonate 

ions, which are required for the ocean pH buffer.  

 
3.2 The main processes in the marine inorganic carbon cycle 
Transfer of CO2 between air and sea is purely a physical process but the transfer is 

driven by factors like concentration differences between atmospheric and oceanic 

CO2, temperature, biology, wind, etc. This chapter will describe processes connected 

to these factors in more details. 

 

3.2.1 Solubility pump  
In general, movement of surface water is due to winds and in the deep it is due to 

density difference. Density differences arise from differences in T and S; warm water 

expands and is less dense, saltier water is dense because more dissolved salts fill 

interstices between water molecules. The large scale circulation driven by T and S 

differences is called the thermohaline circulation. It connects all the oceans as a great 

conveyor belt (Broecker, 1991), Fig. 3.5. Saline and warm surface water reach high 

latitudes in the North Atlantic where, during winter, it becomes sufficiently dense due 

to heat loss to the atmosphere and ice formation that it sinks to intermediate or deep 

layers. This process is known as deep water formation. The newly formed deep water 

start a route to the south where it meets the cold deep water newly formed in the 

Antarctic, and continues into the Indian and Pacific oceans, where it flows northwards 

and eventually returns to the surface. The surface water is transported back to the 

Atlantic Ocean where the water cools and sinks again, starting a new cycle. A 

complete cycle of the conveyor belt takes about 1000 years. 

 

The solubility of CO2 in seawater at 0°C is about twice that at 30°C, so the mixed 

layer in cold polar seas can contain more CO2 in equilibrium with the atmosphere than 

in warm equatorial regions. Equatorial waters are in fact supersaturated with respect 
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to CO2 both due to the low gas solubility and the upwelling of carbon rich deep water, 

and in these regions CO2 is degassed to the atmosphere. As surface water moves 

towards high latitude the difference between atmospheric and oceanic CO2 is inverted 

and at high latitudes CO2 is absorbed from the atmosphere. Circulation makes sure 

that carbon dioxide is constantly being exchanged between the ocean and the 

atmosphere (figures 3.5 and 3.6), and this cycle is known as the "solubility pump". In 

winter the solubility of CO2 in upper ocean water is higher than summer. 

  

 

Fig. 3.5 Sketch of the great ocean conveyor belt. Image courtesy Argonne 

National Laboratory. 

 

 
Fig. 3.6 The solubility pump 
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3.2.2 Biological pump  

Through photosynthesis, phytoplankton use the solar energy to turn aquatic carbon 

dioxide into carbohydrates (sugars) (Eq. 3.9). Plants and animals use these 

carbohydrates (and other products derived from them) through respiration (Eq. 

3.10). Respiration releases the energy contained in sugars for use in metabolism and 

changes carbohydrate “fuel” back into carbon dioxide, which is in turn released back 

into the water. Nutrient regeneration or remineralisation have the same input and 

output components of respiration process but nutrient regeneration is operated by 

bacteria.  

 

Photosynthesis:  
243163106243322 138)()(16122106 OPOHNHOCHPOHHNOOHCO sunlight + →+++

                                                                                                                               (3.9) 
 
Respiration/regeneration:  

energyPOHHNOOHCO

OPOHNHOCH

++++
→+

43322

2431631062

16122106

138)()(
                                             (3.10) 

 
Photosynthesis is limited by many factors such as temperature, nutrients 

concentration, and sunlight, and it is restricted to the upper ocean, while respiration 

occurs throughout the water column. A simple glass of water scooped from any ocean 

contains several million phytoplankton, bacteria, protozoa, and other forms of life, 

unseen except with a microscope. 

  

Photosynthesizing organisms are continuously removing some CO2 from the mixed 

layer, and converting it to organic carbon (Eq. 3.9). While much of this is recycled by 

respiration within the mixed layer, some of it falls by gravity through the thermocline 

as particulate organic carbon: dead phytoplankton, zooplankton, and detritus. In the 

deep water a small fraction of this particulate organic carbon is trapped in sediments 

and removed from the ocean-atmosphere system, and on a geological timescale this is 

a major biological control on atmospheric CO2. However, most of the organic carbon 

is remineralized by bacteria in the deep water, thus raising DIC in deep water relative 

to average surface water. The remineralized CO2 is brought back to the surface in 

upwelling regions. This cycle is known as the "organic carbon pump" (Fig. 3.7). 
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Fig. 3.7 The solubility and biological CO2 pumps (Heinze et al., 1991). 

 

The calcium carbonate is used by coral reefs and many planktonic organisms such as 

Coccolithophorids to form their calcium carbonate shells according to the reaction:  

 

                        OHCOCaCOHCOCa 2233
2 2 ++→+ −+                                 (3.11) 

 

When the organisms die and sink to deep water the calcium carbonate shells dissolve 

in a more acidic condition, and release calcium and carbonates ions back into solution 

according to: 

 

              −+−++ →++→+ 3
2
3

2
3 )()( HCOHaqCOaqCaCaCOH                      (3.12) 

 

This cycle (formation and dissolution of calcium carbonate) is a natural reaction. But 

when additional CO2 enters the seawater it reacts with CaCO3 to form HCO3
-: 
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                        −+ +↔++ 3
2

223 2HCOCaOHCOCaCO                                (3.13) 

 

This reaction proceeds as follows: 

� When CO2 dissolves in seawater, carbonic acid (H2CO3) is produced. 

� Carbonic acid dissociates in the water, releasing hydrogen ions and 

bicarbonate. 

� The increase in the hydrogen ion concentration causes an increase in acidity 

and one result of the release of hydrogen ions is that they combine with any 

carbonate ions in the water to form bicarbonate (Eq. 3.12). This removes 

carbonate ions from the water, making it more difficult for organisms to 

form the CaCO3 they need for their shells.   

In this a way [CO3
2-] decreases which implies decreasing formation and promoting 

dissolution of carbonate minerals (e.g. CaCO3). Dissolution of carbonate minerals 

provides carbonate ions that can consume H+ according to equation 3.8. That means 

the dissolution of carbonate minerals tends to decrease [H+] (increase pH) which is 

counteracting some of the pH effects of added CO2.  

 

In a longer time scale of ocean mixing, interaction with CaCO3 rich sediments tends 

to further buffer the chemistry of the seawater so that changes in pH are diminished. 

For example, if the deep oceans start to become more acidic some calcium carbonate 

will be dissolved from sediments (Eq. 3.13). Because CaCO3 is abundant in sediments 

the pH of the deep oceans cannot change by large amounts over timescales of 10.000 

years. However, over historical timescales, significant changes in surface and near 

surface ocean pH can occur, i.e. ocean acidification, which is discussed in chapter 3.4. 

 

3.3 Air-sea CO2 exchange 

The basic equations governing air-sea gas exchange are presented and discussed in 

detail in Liss (1983), and here only the more important relationship is considered. The 

air-sea flux of CO2 depends on the atmospheric and oceanic CO2 concentration (fCO2 

or pCO2), and the direction goes from the reservoir with high concentration to the one 

with low concentration. The flux of CO2, F, across the air-sea interface is determined 

from the bulk formula: 
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                         )( 22
atmosphereseawater pCOpCOKSF −=                                               (3.14) 

 

where K is gas transfer velocity and S is solubility of CO2 in seawater, which is 

determined by using observed temperature and salinity according to (Weiss, 1974) 

[mol kg-1atm-1]; 
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                                        (3.15) 

 

where SST is the sea surface temperature and SSS is the sea surface salinity. K 

depends on the molecular diffusivity, D, and turbulence at the air-water interface. 

Different parameterizations of K as functions of wind and other parameters have been 

proposed, and it is a subject for debate which one is the best. Using K from different 

parameterization can give air-sea exchange results which differ by a factor of two. 

Three different approaches can be used when studying air-sea gas exchange; the film 

model, the surface renewal model, and the boundary layer model. 

 

3.3.1 Model approaches of air-sea gas exchange 
The stagnant film model first proposed by Whitman (1923) is the simplest approach in 

which the transfer velocity is determined solely by molecular diffusion across an 

unchanging surface film of constant thickness. The lower boundary where this 

"stagnant film" (Fig. 3.8) suddenly gives way to turbulent mixing is clearly arbitrary, 

and, therefore, its thickness cannot be measured. However, the concept is useful for 

consideration of diffusion and chemical reaction processes for different gases. For 

non-reactive gases, the "film thickness" (z) and the diffusivity (D) are related to the 

transfer velocity, K (in cm hr-1) by:  

 

                                     
z
D

K =                                                                         (3.16)  
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Fig. 3.8 The stagnant film model (Whitman, 1923). 

 

The main resistance faced a molecular gas at transferring time is the molecular 

diffusion through the stagnant layer of water which has z thickness. Flux between air 

and water is determined as 

 

                                    Ck
z

CC
D

z
c

DF wa ∆=
−

=
∂
∂=                                      (3.17)                                    

 

where Ca and Cw are concentrations in the atmosphere and water, respectively. 

 

The surface renewal model (Higbie, 1935; Danckwerts, 1951) is an approach in which 

the water film is renewed with time and the film replacement rate is the limiting step 

in gas transfer (Fig. 3.9). The equation is displayed as 

 

                                    CKC
D

F ∆=∆=
τ

                                                  (3.18)                                    

 

where � is residence time. Here K is proportional to the molecular diffusivity to the 

power of 1/2.  

 

Air  
 
 
 
Water 
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Fig. 3.9 The surface renewal model (Higbie, 1935; Danckwerts, 1951). 

 

In the boundary-layer model (Deacon, 1977) the considerable body of hypothesis 

relay on the transfer of momentum, heat, and mass at surfaces. The model shows that 

K is proportional to the friction velocity in the air (u*), to the ratio of the transfer 

coefficients for momentum (kinematic viscosity, �), and to the molecular diffusivity 

to the power of -2/3. The relationship developed by Deacon (1977) is as follows: 

 

                              *2/13/2 )(082.0 uScK
w

a

ρ
ρ−=                                                  (3.19)                                    

 

where Sc is the Schmidt number (Sc = �/ D) .The �a and �w are the densities of air and 

water, respectively. 

 

From the last paragraphs it can in general be stated that the gas transfer velocity is a 

function of wind speed and the Schmidt number. The general formula of K is: 

 

                           mnUScK −= α                                                                          (3.20)                                    

 

where � ,n, and m are constants, and U is wind speed. The gas transfer velocity is 

normally parameterized from wind speed (U10) 10 meters above the sea surface and 

there are several studies describing the relationship between U10 and K. The most used 

relationships are presented by Liss & Merlivat (1986), Wanninkhof (1992), 

Air  
 
 
 
Water 
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Wanninkhof & McGillis (1999), and Nightingale (2000), which will be referred to as 

LM86, W92, WM99, and NG00, respectively. 

 

3.3.2 Gas transfer relationships 
The LM86 relationship is based on data obtained from a lake and in a wind tunnel by 

using the tracer sulfur hexafluoride (SF6) and the relationship is as follows:   
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where u equals U10. The LM86 relationship refers to boundary-layer model for a low 

wind regime and to surface renewal model for a high wind regime.  

  

The W92 relationship between K and wind speed is a quadratic curve fitted such that 

when averaged over global wind speed it is in agreement with global mean transfer 

velocity determined from the oceanic uptake of radiocarbon (C14). W92 assumes a 

dependence of K on (Sc/660) -1/2 where the Sc/660 is Schmidt number normalized to 

CO2 in sea water at 20°C and the exponent -1/2 implies surface renewal mode; 
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When non-linear empirical relationship between gas exchange and wind speed are 

utilized, the appropriate relation should be used, taking the average time scale for 

wind speed into account.  

 

The WM99 relationship is based on data from the North Atlantic Ocean which was 

collected during the GasEx-98 expedition using the eddy correlation method. From 

this experiment it was found that the gas transfer velocities can be well quantified 



 31 

with a cubic relationship and the proportionality constant were determined in the same 

manner as in W92. WM99 is displayed as: 
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In the NG00 relationship conservative nonvolatile tracers like 3He and SF6 were used 

in addition to spores of the bacterium Bacillus globigii var. Niger.  The study is based 

on data from the southern North Sea collected in February 1992 and 1993, and it 

suggests that there is a quadric relationship between transfer velocity and wind speed;  
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To summarize the last paragraphs, the transfer velocities estimates of LM86, W92, 

WM99, and NG00 are compared and plotted in Fig. 3.10. Since the transfer velocity is 

highly dependent on the diffusivity, which depends on the gas itself, temperature, and 

salinity, comparisons are usually made by correcting all the measured data to a 

common Schmidt number of 600, corresponding to CO2 in freshwater at 20°C. Note 

the similarity between the different K's at low wind speeds and the discrepancy 

between them at increasing wind speeds. At higher wind speeds, the K value of 

WM99 is higher compared to both LM86 and W92 while K values obtained with 

NG00 fall between those of W92 and LM86. 
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Fig. 3.10 Summary of gas exchange-wind speed relationships (Feely et al., 2001)   

 

3.4 The effect of climate change on important process: 

anthropogenic CO2 and ocean acidification   

The last 6-800,000 years atmospheric CO2 concentration oscillated between 180 ppm 

during ice age and about 280 ppm during intermediate stages. Current atmospheric 

concentrations are now approaching 380 ppm as a result of the industrial and land use 

activities of mankind. About half of the CO2 released by human activity has remained 

in the atmosphere, and of the remainder, about 30% has been taken up by the ocean 

and 20% by the terrestrial biosphere (Sigman and Boyle, 2000). 

 

Uptake of anthropogenic CO2 is strongest in regions where old waters (long time 

since last contact with the atmosphere) is re-exposed at the sea surface to a 

contemporary atmosphere which now contains anthropogenic CO2 (IPCC, 2001). In 

an upwelling region, the natural component of the air-sea flux is to outgas CO2 to the 

atmosphere. The higher atmospheric fCO2 of the contemporary atmosphere acts to 

reduce this outgassing relative to the natural state, implying that more carbon remains 

in the ocean. This represents uptake of anthropogenic CO2 by a region which is a 

source of CO2 to the atmosphere. The additional carbon in the ocean resulting from 
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such uptake is then transported by the surface ocean circulation, and eventually stored 

as surface water sinks and mixes into the deep ocean interior. Whereas, on a global 

scale, upwelling into the surface layer is quantitatively balanced by sinking, the 

locations where deep waters rise and sink can be separated by large horizontal 

distances (IPCC, 2001).  

 

Air-sea gas transfer allows the re-exposed older water to approach a new steady state 

with higher atmospheric CO2 levels after about a year at the sea surface. This is fast 

relative to the rate of ocean mixing, implying that anthropogenic CO2 uptake is 

limited by the rate at which “older” water are mixed towards the air-sea interface. The 

rate of exposure of older, deeper water is therefore a critical factor limiting the uptake 

of anthropogenic CO2. In principle, there is sufficient uptake capacity in the ocean to 

incorporate 70 to 80% of anthropogenic CO2 emissions to the atmosphere, even when 

total emissions of up to 4,500 PgC are considered (Archer et al., 1997). The finite rate 

of ocean mixing, however, means that it takes several thousand years to access this 

capacity (Maier-Reimer and Hasselmann, 1987; Enting et al., 1994; Archer et al., 

1997; IPCC, 2001). 

 

Variations in surface concentrations of anthropogenic CO2 are related to the length of 

time that the waters have been exposed to the atmosphere and to the buffer capacity, 

or Revelle factor, RF, for seawater. The Revelle factor describes how the partial 

pressure of CO2 in seawater (pCO2) changes for a given change in DIC:  
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Its value is proportional to the ratio between DIC and alkalinity. Low Revelle factors 

are generally found in the warm tropical and subtropical waters, and high Revelle 

factors are found in the cold high latitude waters. A high Revelle factor indicates that, 

for a given atmospheric CO2 perturbation, the oceanic equilibrium concentration of 

anthropogenic CO2 will be lower than that for low Revelle factor waters. The current 

Revelle factors (Fig. 3.11) are about one unit higher than they were in the 

preindustrial ocean (Sabine et al., 2004).  
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Fig. 3.11 Map of the 1994 distribution of Revelle factor, averaged for the upper 
50 m of the water column (Sabine et al., 2004). 
 
The highest anthropogenic CO2 concentrations are found in the subtropical Atlantic 

surface waters because of the low Revelle factors in that region. By contrast, the near 

surface waters of the North Pacific have a higher Revelle factor at comparable 

latitudes and consequently lower anthropogenic CO2 concentrations (Sabine et al., 

2004). 

 

The time (�) it takes for the surface ocean to equilibrate with new levels of 

atmospheric CO2 is determined by the depth of the surface mixed layer (MLD), the 

transfer velocity (K), and the Revelle factor (RF) according to (Zeebe and Wolf-

Gladrow, 2001): 

                                                        [ ]2CORFK
DICMLD

⋅⋅
⋅=τ                                           (3.27) 

 

For a region with a typical mixed layer depth of 100 m, transfer velocity of 4 m day−1, 

and RF of 10 (the global mean), seawater must stay in contact with the atmosphere for 

over 8 months in order to fully adjust to new atmospheric CO2 level. The lower the 
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Revelle factor, the longer is time needed for the ocean to equilibrate with a new 

atmospheric CO2 concentration (Eq. 3.27).  

 

Many studies and models show the changes in pH with the time as a result of 

increasing absorption of man made CO2, a process called ocean acidification. One 

simple example is the work from Zeebe and Wolf-Gladrow (2001). They predict that 

pH will fall to below 7.9 by 2100 assuming the surface ocean as a single box, constant 

temperature (25ºC) and salinity, and an initial pre-industrial pH of 8.2 units. Other 

authors use ocean general-circulation models and different assumptions (Caldeira and 

Wickett, 2003) to project the changes in oceanic pH until the year 3000. In this case, 

the initial change in surface ocean pH is relatively rapid, and as CO2 continues to be 

absorbed from the atmosphere the decrease in pH is slowly influencing also the deep 

oceans (including ocean sediments) by mixing and through the biological pump (Fig. 

3.12). 

 

 

Fig. 3.12 Modelled changes in ocean pH from prior to the Industrial Era into the future, 

lower panel; note depth scale on the y-axis (vertical). The upper two panels respectively 

show the history of anthropogenic CO2 emissions and atmospheric CO2 concentration 

over the same time scale. Figure from Caldeira and Wickett (2003). 
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Normally the surface ocean is saturated with respect to calcium carbonate (including 

its several mineral forms, i.e., high-magnesium calcite, aragonite, and calcite), 

meaning that under present surface conditions these minerals have no tendency to 

dissolve and that there is still enough calcium and carbonate ions available for marine 

organisms to build their shells or skeletons. Colder and deeper waters are naturally 

undersaturated with respect to calcium carbonate, where the water is corrosive enough 

to dissolve these minerals. The transition between saturated surface waters and 

undersaturated deep waters is called the saturation horizon. Because of the increase in 

CO2 entering into the ocean from the atmosphere, the saturation horizons for calcium 

carbonate have shifted towards the surface by 50-200 meters compared to their 

positions before the industrial revolution (Doney, 2006). This means that the depth 

zone occupied by waters undersaturated with respect to calcium carbonate is 

increasing and the depth zone occupied by surface waters saturated with respect to 

calcium carbonate is decreasing. An effect of this is that the calcifying organisms in 

this area will get a reduced area to thrive. 
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4. Data and methods 
 
 

4.1 Datasets and analytical methods   
Five datasets were used (Table 4.1): 

  

4.1.1 GEOSECS data (1977) 

The samples were taken onboard the R/V “ATLANTIS II” cruise 93 from 19th to 24th 

of December 1977 during Geochemical Ocean Section Study (GEOSECS) which was 

a global survey of the three-dimensional distribution of chemical, isotopic, and 

radiochemical tracers in the ocean. As part of the Indian Ocean expedition (December 

1977 to March 1978) samples were collected from three stations in the Red Sea, one 

in the south near Bab Al Mandab, one in the middle of the Red Sea, and one in the 

north near the Gulf of Aqaba and the Gulf of Suez. The variables which were 

determined are shown in Table 4.1. 

 

4.1.2 MEROU cruise data (1982) 
The MEROU expedition took place by R/V “MARION DUFRESNE” in two legs: 

from 16th of June to 4th of July 1982 and from 25th of September to 9th of October 

1982. During each leg, a longitudinal section in the Red Sea was carried on, five 

transversal sections in Bab Al Mandab strait and several stations in the Gulf of Aden 

(Fig. 4.1) (Papaud and Poisson,1986). The most important variables which were 

determined are (Table 4.1): 

� DIC and AT analyzed simultaneously by a potentiometric method derived 

from the one described by Dyrssen and Sillen (1967) and improved by 

Bradshaw and Brewer (1980), with an accuracy of respectively 0.1 and 0.3%. 

� Nutrients (nitrite NO2, nitrate NO3, silicate SiO3, and phosphate PO4) titrated 

on an automatic apparatus of the Technicon type according to a method 

recommended by Treguer and Le Corre (1975), with an accuracy of 

respectively 1, 0.3, 0.3, and 0.5%.  

� Oxygen titrated by the Winkler method (Carpenter, 1965), with an accuracy of 

1%.  

� Temperature interpolated from CTD profiles with an accuracy of 0.005 °C. 
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� Salinity measured with a Guidline autosal salinometer with an accuracy of 

0.02. 

 

 

Fig. 4.1 Chemical and hydrographic stations of the MEROU 1982 cruises in the 

Red Sea. 
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Table 4.1 Summary of the datasets 

 
Parameters  

  
 

Data set 
/ Surface or vertical / Research vessel  

Year Data 
points 

Tem. Sal. AT DIC  O2 PO4 NO2 NO3 SiO3 Air 
fCO2  

Water 
fCO2 

GEOSECS 
/Surface data / ATLANTIS II 
 

1977 3  + + + + + + + + + - - 

MEROU /Vertical data/ MARION DUFRESNE 
 

1982 107   + + + + + + + + + - - 

MINERVE (1991) /Surface data/  MARION 
DUFRESNE 

1991 436 + + - - - - - - - - + 
 

MINERVE (1992) /Surface data/  MARION 
DUFRESNE 

1992 524 + + - - - - - - - - + 
 

MINERVE (1999) /Surface data/  MARION 
DUFRESNE 

1999 453 + + - - - - - - - - + 
 

2007 data  
/Surface data 

2007 10  + - - + - - - - - - - 

World Ocean Atlas 2005 data (WOA05) / 
Vertical data 

- 27  + + - - + + + + + - - 

 

(+) means parameter determined and (-) means parameter not determined
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4.1.3 MINERVE cruises data (1991, 1992, and 1999) 
From the first to 5th of June 1991, from 12th to 17th of June 1992, and from 22nd to 25th 

of October 1999 continuous sea surface fCO2 measurements were taken on board the 

R/V “MARION DUFRESNE” in the Red Sea during MINERVE cruises (Fig. 4.2). 

During these cruises about 436, 524, and 453 data points were collected in the Red 

Sea for 1991, 1992, and 1999, respectively.  

 
Fig. 4.2 Cruise tracks for 1991, 1992, and 1999. 

The fCO2 measuring system consisted of an IR analyzer, a thermo-stated equilibrium 

cell, and a thermosalinograph. The principle of the measurement is based on the 

determination of the CO2 mixing ratio in a gas phase that is in equilibrium with a 

seawater sample at known temperature and pressure. The CO2 mixing ratio was 

measured by a non-dispersive infrared analyzer (NDIR). The seawater inlet was at 5-6 

meters depth, and a closed loop of air circulation in the equilibrium cell in a counter 

current design and equilibrated air passed through an automatic cold trap (-35 °C) and 

into the IR analyzer. With this system, fCO2 along with temperature and salinity were 

measured continuously (one record / 10s) and averaged over 10 minutes. More details 

on instrument design are given by Poisson et al. (1993). 

 

 

1991 and 
1992 tracks 1999 track 
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4.1.4 2007 data   
 

                   

 

   
Fig. 4.3 Photo for Sanganeb Island (a), the location of Port Sudan in the Red Sea 

map (b), and track of 2007 data cruise (c).  

 

The surface seawater samples were collected from 10 stations between Port Sudan 

harbor and Sanganeb (Fig. 4.3). Sanganeb is a small coral reef island 30 km northeast 

a 

Track of 
cruise 

b 

c 
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of Port Sudan. For each station 4 bottles were collected from 4 m depth (2 bottles for 

DIC and 2 bottles for salinity), stored in a cooled and dark environment and send to 

the laboratory of Geophysical Institute at the University of Bergen in Norway for 

analysis. DIC was determined by gas extraction of acidified water samples followed 

by coulometric titration (Johnson et al., 1985, 1987) and salinity was determined 

using a Portersal salinometer. AT was calculated based on temperature and salinity by 

using the following equation from Papaud and Poisson (1986): 

 

                                       STAT ⋅+⋅+= 5.263.21345                          (4.1) 

 

where T and S is temperature and salinity. 

 

4.1.5 World Ocean Atlas 2005 data (WOA05)    
World Ocean Atlas 2005 (WOA05) is a set of objectively analyzed (1° grid) 

climatological fields of in situ temperature, salinity, dissolved oxygen, apparent 

oxygen utilization (AOU), percent oxygen saturation, phosphate, silicate, and nitrate 

at standard depth levels and monthly averaged for the World Ocean. It also includes 

associated statistical fields of observed oceanographic profile data interpolated to 

standard depth levels on both 1° and 5° grids. Data were downloaded from the Ocean 

Data View site (http://odv.awi.de/en/data/ocean/world_ocean_atlas_2005). 

 

4.2 Data analysis 
For 1977, 1982, and 2007 data, fCO2 surface water were calculated by a program 

developed for CO2 system calculations, (CO2SYS) which was written by Lewis and 

Wallace (1998). Calculations were done based on DIC and AT variables and 

Mehrbach et al. (1973) carbonic acid dissociation constants. 

 

4.2.1 Atmospheric fCO2 
Monthly atmospheric xCO2 (mole fraction) values were downloaded from the web 

site of Monthly Atmospheric CO2 Mixing Ratios from the NOAA CMDL Carbon 

Cycle Cooperative Global Air Sampling Network, 1968-2002. NOAA is the National 

Oceanic and Atmospheric Administration and CMDL is Climate Monitoring and 

Diagnostics Laboratory. Three nearest measuring station were selected; Algeria, 
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Israel, and the Seychelles. The monthly atmospheric xCO2 values were not available 

for all the years of oceanic data used in this thesis. So for each station, the month of 

year’s data was selected and xCO2 air values were plotted versus years. The missing 

values were calculated by using linear interpolation. Finally, for each month of the 

year the fCO2 air mean value was calculated from all three stations. For 1999 data 

xCO2 air were measured on board.  

 

fCO2 air values were calculated by using xCO2 in several steps suggested by 

Körtzinger (1999);  

� Compute water vapor pressure (VPH2O) from SST (in degrees Kelvin) and SSS 
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� Compute atmospheric partial pressure for CO2 by using xCO2 values: 

 

 )VP
1013.25

p
(xCOpCO OH2

atm
2 2

−×=                                                                (4.3) 

 

� Finally, compute  fCO2 air using Eq. 3.4 where T in the equation equals SST. 

 

4.2.2 Air-sea CO2 flux 
The net air-sea CO2 flux (F) was determined using the Nightingale et al. (2000) gas 

transfer relationship (NG00) by the formula presented in section 3.3.2 (Eq. 3.25). The 

Schmidt number was calculated based on surface temperature as: 

 

                 32 043219.06276.362.1251.2073 SSTSSTSSTSc ⋅−⋅+⋅−=                (4.4) 

 

For U10, daily averaged 6-hourly wind speed from the National Centers for 

Environmental Prediction (NCEP) / National Center for Atmospheric Research 
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(NCAR) reanalysis 2 data assimilation model was used to calculate K values. 

NCEP/NCAR Reanalysis 2 data were used rather than shipboard meteorological data 

reports in order to allow regional estimates of air-sea CO2 fluxes to be made. The 

spatial resolution of the NCEP/NCAR Reanalysis data assimilation model is 2.5° by 

2.5° (for example 22.5° N- 25° N, 37.5° E- 40° E). 
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5. Results and discussion  
 

The whole dataset is put together, and in the following the spatiotemporal variability 

of each parameter is analyzed and discussed.  

 

  

 

Fig. 5.1 Surface temperature [°C] (a) and vertical potential temperature [°C] (b) 

in the Red Sea based on WOA05 data. Note that the color scale is different in the 

two graphs.  

 

Horizontal and vertical temperature plots from the Red Sea (Fig. 5.1a and b) are 

comparable to the modeled temperature in the area (Fig. 2.8a and b). In the Red Sea 

surface water, the temperature ranged from 26°C in the north to 30.5°C between 15°N 

and 20°N (Fig. 5.1a). The vertical distribution showed temperatures decreasing from 

surface to deep water, with an intermediate water temperature between 22°C and 

26°C and a deep water temperature of 21.5°C (Fig. 5.1b). 

Based on the surface temperature distribution the Red Sea was divided into three main 

regions; Bab Al Mandab strait, the center of the Red Sea, and the northern part of the  

 

a b 

Bab Al Mandab strait  
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Fig. 5.2 Monthly surface temperature [°C] for Bab Al Mandab, the center of the 

Red Sea, and the northern part of the Red Sea based on WOA05 data.  

 

Red Sea. In all regions, the lowest temperatures were recorded in February (winter 

season), and from March the values were increasing towards the summer (Fig. 5.2). 

The maximum values were registered in August for the center and northern part of the 

Red Sea, and here the temperature decreased again from August to February. The 

difference between summer and winter in these regions was 5-6°C. In Bab Al Mandab 

strait the temperature decreased during a period of the summer (July and August) due 

to the cold Gulf of Aden water (GAIW) which was flowing into the Red Sea during 

these months.      
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Fig. 5.3 Annual mean salinity distribution in the surface (a) and vertical (b) of 

the Red Sea based on WOA05 data. 

 

The WOA05 salinity data in Fig 5.3a and b are also comparable to the modeled 

salinity plotted in Fig. 2.9a and b, with surface salinity ranging between 36 in Bab Al 

Mandab strait and 41 in the northern part, and increasing salinity with depth. Seasonal 

variations of the salinity are in general small (in the order of 1) all over the Red Sea 

(Fig. 5.4)  
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Fig. 5.4 Monthly surface 

salinity for Bab Al 

Mandab, the center of the 

Red Sea and the northern 

part of the Red Sea based 

on WOA05 data.  
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5.1 Total alkalinity  
Alkalinity is a semi-conservative parameter, meaning that it is mainly influenced by 

salinity variations (precipitation/evaporation and mixing). In addition, calcium 

carbonate formation/dissolution and to a smaller degree production/remineralization 

of organic matter can change alkalinity. 

 

The spatial distribution of AT was similar to salinity (Fig. 5.5). The range of measured 

surface AT across the Red Sea was about 2360 to 2475 µmol kg-1, with the highest AT 

found in the north and the lowest AT in the south (Fig. 5.5a). Vertically, highest 

values were observed in northern upper layers and lowest in southern upper layers 

(Fig. 5.5b). 

 

A comparison between the two MEROU cruises (1982) showed that AT values from 

early winter (MEROU-B) were higher than during summer (MEROU-A) in Bab Al 

Mandab strait, while no seasonal differences were found in the center of the Red Sea 

and north of 25°N. Between 19°N and 25°N the early winter AT data were lower than 

those from summer (Fig. 5.6).  

      

   
Fig. 5.5 Measured AT values [µµµµmol kg-1] in the surface (a) and vertical (b) of the 

Red Sea during MEROU-B cruise.  

a b 
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Fig. 5.6 Surface AT values measured during the MEROU A (summer) and B 

(early winter) cruises plotted as a function of latitude.  

 

As mentioned, biology influences the alkalinity to a small degree, and formation/ 

remineralization of organic matter increases/decreases the alkalinity through 

uptake/release of phosphate and nitrate (Brewer et al., 1975). One can correct for the 

effect of this process, however, since the effect of phosphate correction is small (< 1 

µmol kg-1) and negligible only the effect of nitrate change on alkalinity has been 

accounted for in this thesis according to (Omar et al., 2005) 

 

3NOAA T
Ncorr

T ∆+=                                              (5.1) 

 

where ∆NO3 is the difference between the nitrate values at the base of the mixed layer 

of the source water and the measured nitrate concentrations. For this equation the 

source water is the Gulf of Aden water with salinity less than 37. For the surface 

water the nitrate corrected alkalinity, AT
Ncorr, is around 10 µmol kg-1 lower than the 

measured alkalinity (Fig. 5.7a). For the deepest water the there is no difference 

between AT
Ncorr and measured AT (Fig. 5.7b).  For the intermediate water, on the other 

hand, the AT
Ncorr was higher by up to 10 µmol kg-1 compared to the measured values. 
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This means that the effect of soft tissue formation/remineralization controls maximum 

20 µmol kg-1 of the alkalinity variations in this area. 

 

 

Fig. 5.7 The difference between nitrate corrected AT; AT
Ncorr , and measured 

alkalinity [µµµµmol kg-1] in the surface (a) and vertical (b). 

 

Further, the surface AT
Ncorr was plotted as a function of salinity in Fig. 5.8b.  Fig. 5.8a 

shows the measured surface alkalinity as a function of salinity. From this plot it is 

evident that the surface alkalinity depends strongly on salinity variations. A linear fit 

to the surface AT
Ncorr data showed a slope of 28.66 and an intercept of 1300. In order 

to reveal the other processes affecting the alkalinity (besides organic matter 

formation/decay and salinity variations) AT
Ncorr was normalized to a constant salinity 

value of 40 according to (Friis et al., 2003)  

 

                                        130040
1300

+
−

=
meas

Ncorr
T

T S
A

nA                                         (5.2) 

 

where the superscript Ncorr denotes nitrate corrected  values.  

 

a b 
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Fig. 5.8 Measured alkalinity as a function of salinity (a) and nitrate corrected 

alkalinity, AT
Ncorr, as a function of salinity (b)  Data are from MEROU-B cruise at 

depths 10 m and shallower.  

 

Fig. 5.9 shows that for the surface water (salinity < 40.5) the measured AT increases 

with salinity while nAT
Ncorr (salinity normalized and nitrate corrected AT) remains 

almost constant at 2446±11 µmol kg-1. This means that the whole north-south gradient 

in the measured alkalinity (�115 µmol kg-1; Fig. 5.5a) is attributed to salinity 

variations in the area. Hence, surface alkalinity variations in the area are governed by 

evaporation and organic matter formation/remineralization, and the effects of 

calcification is negligible compared to the effects of the first two processes.  

 

For deep water samples (salinity > 40.5) alkalinity decreases with salinity (Fig. 5.9). 

Generally in the ocean calcium carbonate dissolution increases alkalinity in the deep 

water to values that are greater than the surface values, a processes that is promoted 

by high depth pressures, cold deep waters, and undersaturation with respect carbonate 

ion concentration. However, the Red Sea is relatively shallow and embodies warm 

deep waters which are carbonate supersaturated. Therefore, sedimentation rather than 

dissolution of calcium carbonate minerals probably takes place, which lowers the 

alkalinity in the Red Sea deep water. This implies that there is a loss of inorganic 

carbon by sedimentation as was also suggested by others (Metzl et al., 1989; 

Souvermezoglou et al.1989). 

 

a b 
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Fig. 5.9 Measured and nitrate corrected/salinity normalized alkalinity versus 

salinity for all depths. 

 

Loss of inorganic carbon by sedimentation can also explain the intercept in the nitrate 

corrected alkalinity (AT
Ncorr) versus salinity (Fig. 5.8b), which is used in Eq. 5.2. Sea 

water in the Red Sea originates from the Indian Ocean as water with S around 36 and 

an alkalinity versus salinity relationship described by 68.8*S-114 (Millero et al., 

1998). Within the Red Sea, salinity increases due to evaporation, a process that should 

not change the AT vs. S relationship. However, the loss of inorganic carbon by 

calcium carbonate sedimentation reduces the alkalinity in the deep water to values 

below what is expected from the AT vs. S relationship for the Indian Ocean surface 

water. Thus, the surface alkalinity data in Fig. 5.8 describes mixing between these two 

end members; surface water samples that confirm to the Indian Ocean relationship 

and deep water samples which is lower in alkalinity. The result is an AT vs. S 

relationship with a much lower slope and much higher intercept relative to Indian 

Ocean surface water. 
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5.2 Total carbon, nutrients, and AOU  
5.2.1 DIC and nutrients, surface distribution 

According to Metzl et al. (1989), the main source of DIC and nutrients in the Red Sea 

is Gulf of Aden water (GASW and GAIW). Based on MEROU-B (1982) data, DIC 

concentration in the surface water ranged from 1960 µmol kg-1 in the south to 2060 

µmol kg-1 in the north (Fig. 5.10a).  

 

DIC variations are due to evaporation and mixing, biological uptake/release, and air-

sea gas exchange. The effects of evaporation and mixing have been taken into account 

by applying the salinity normalization given by Eq. 5.2 to DIC data. During this 

normalization we have assumed that for each alkalinity unit lost due to the 

sedimentation of calcium carbonate (section 5.1) half a unit of DIC is lost because it is 

the carbonate ion that is contributing to these losses (see equations 3.1 and 3.3). And, 

consequently, half of the alkalinity intercept of 1300 µmol kg-1 (i.e 650 µmol kg-1) is 

used when DIC is salinity normalized. nDIC variations of about 25 µmol kg-1 is seen 

within the Red Sea surface (Fig. 5.10b), however, no particular trend is observed.  

 

            

Fig 5.10 Distribution of measured DIC (a) and nDIC (salinity normalized DIC) 

(b) in the Red Sea based on MEROU-B data. Units are in µµµµmol kg-1. Note that 

the color scale is different in the two plots. 

 

a b 
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In general, the nutrients are higher in the south than in the north, however, the spatial 

differences are small in the surface layer (Fig. 5.11).  

 

  
Fig. 5.11 Surface nitrate (a) and phosphate (b) based on WOA05 data (Oct-Dec). 

Units are in µµµµmol kg-1.  
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Fig. 5.12 Relationship between nDIC and phosphate in the surface water based 

on MEROU-B data. 

 

a b 



 55 

In Fig.5.12 the nDIC is plotted as a function of phosphate (salinity normalized 

phosphate with an intercept of zero should be used, however, the difference is 

insignificant). From this plot it is evident that there is no relation between these two 

variables and, consequently, biology can most likely not be used to explain the spatial 

variations in surface nDIC. The extent to which air-sea gas exchange can explain the 

observed DIC variations will be discussed later (see section 5.5). 

 

5.2.2 DIC and nutrients, vertical distribution  

The mixed layer in the Red Sea has low DIC and nutrients values (Fig. 5.13). The 

deepest samples also show low nutrient and DIC signal, which is connected to deep 

water formation in the northern area. The deep water travels to the southern end of the 

Red Sea with continuously increasing DIC and nutrient concentrations as a result of 

remineralization. Near Bab Al Mandab strait, the deep water is upwelling and feeds 

the well-established return flow at intermediate depth (between � 450 and 700 m). 

This represents the oldest water in the Red Sea, and has a maximum in DIC and 

nutrient concentrations and minimum in oxygen (see Fig. 5.13). 

 

Nitrate vs. phosphate for the whole water column is plotted in Fig. 5.14, where the 

oxygen value in each sample is indicated by color. Two regimes with different N:P 

ratios appear. For samples with oxygen values above 40 µmol kg-1 there is strong 

linear relationship between nitrate and phosphate with a slope of about 18. This 

suggests that for each unit increase in phosphate resulting from remineralization of 

organic matter there are around 18 units increase in nitrate, which is higher than the 

classical P:N relationship of 1:16 (Redfield et al, 1963). For samples with oxygen 

values less than 40 µmol kg-1, nitrate values are significantly less than what is 

expected from the aforementioned 1:18 stoichiometry. This indicates that in this 

poorly ventilated layer the oxygen demand may exceed the rate of oxygen supply and 

denitrification, a process that removes nitrate from the water column, is probably 

taking place. Others also reported denitrfication (depletion of nitrate relative to the 

classical stoichiometry in poorly oxygenated layers of the water column) in the region 

(eg. Anderson and Dyrssen, 1994). 
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Fig. 5.13 Vertical distribution of DIC (a), nDIC (b), oxygen (c), nitrate (d), 
phosphate (e), and silicate (f) concentrations [µµµµmol kg-1] in the Red Sea based on 
MEROU-B data. Note that the color scale is different from Fig. 5.11. 
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Fig. 5.14 Relationship between nitrate and phosphate with oxygen (in µµµµmol kg-1) 

on z axis based on MEROU-B data.  

 

The area and data points indicating denitrification are excluded in the following 

chapters, where the aim has been to elucidate basin wide processes. We have also 

chosen not to adjust the nutrients to a constant salinity since the effect of such 

exercise on nutrient values would be not only small, but also a source of uncertainty. 

Based on MEROU-B data deeper than 75 m the ratios N:P, nC:N and nC:P were 

calculated (Fig. 5.15a, b, and c). nC:P equaled 102.4, which is within the normal 

variation of the traditional Redfield ratio (C:P=106). The ratio N:P was, on the other 

hand, 17.9 which is higher compared to the traditional Redfield ratio of 16, and 

consequently, the nC:N ratio was expected to be lower than the Redfieldian ratio of 

6.6. This was also the case, and a nC:N ratio of 5.1 was determined (Fig. 5.15b). From 

this we draw the conclusion that biological production can be used to explain the 

observed trend in intermediate and deep water DIC, however, the nutrient consuming 

species seems to use more nitrate per phosphate/carbon unit than in a traditional 

Redfield sea. 
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Fig. 5.15 Relationship between nitrate and phosphate (a), nDIC and nitrate (b), and nDIC vs. 

phosphate (c). Data (deeper than 75 m and with O2 greater than 40 µµµµmol kg-1) are from 

MEROU-B. 
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Apparent oxygen utilization (AOU) is indicative for the sum of the biological activity 

that the seawater has experienced since it was last in equilibrium with the atmosphere. 

Further, AOU is a measure of dissolved oxygen content in the seawater relative to the 

saturation values, and it is calculated as  

                            meassat OOAOU 22 −=         (5.4) 

where sat and  meas denote saturated and measured oxygen values, respectively. 

Surface distribution and vertical profile of AOU is shown in Fig. 5.16. Dissolved 

oxygen in the surface water is close to saturation values with a slight supersaturation 

(AOU is positive) in the northern parts and large areas of negative AOU values 

(which indicate primary production) in the southern parts. Below the mixed layer 

AOU is positive and increases with depth indicating that dissolved oxygen is used by 

the process of remineralization of organic matter. The primary production in the south 

is stronger than the north as a result of the large net flux of nutrients from the Gulf of 

Aden especially between June and September (Metzl et al., 1989). Accordingly, Fig. 

5.17 shows that the highest negative value of AOU in the surface water is registered 

in Bab Al Mandab between 15th of June and 15th of September. 

 

 

Fig. 5.16 Distribution of AOU [µµµµmol kg-1] in the surface (a) and vertical (b) of the Red Sea 

based on WOA05 data (Oct-Dec). Note the different color scale in the two plots.  
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Fig. 5.17 Monthly surface AOU values for Bab Al Mandab, the center of the Red 

Sea and the northern part of the Red Sea based on WOA05 data.  

 

5.3 fCO2 values  
All fCO2 data are shown in Fig. 5.18 and the values were ranging between 310 �atm 

and 420 �atm. As mentioned before, the Red Sea was divided into three main regions 

according to the SST distribution. These regions seems to coincide with the surface 

fCO2 distribution in certain years as high fCO2 values were observed in the center of 

the Red Sea, and low fCO2 values were observed in the northern part of the Red Sea 

and in Bab Al Mandab strait, however, the picture is not persistent. Data from 1991 

and 1992 deviated slightly from the other years by observed fCO2 values which were 

low in the north and increasing southwards all the way to the Bab Al Mandab. The 

northern surface water in summer of 1991 and 1992 was colder than in early winter 

1999 (Fig. 5.18), and the region of highest fCO2 values in 1991 and 1992 was shifted 

more southwards than the region of highest fCO2 values in 1999. This shift occurred 

most likely due to extraordinary strong NNW wind during summer of 1991 and 1992, 

which moved the surface water to the south. Because of this an upwelling of cold 

water might occur in the north as described by Metzl et al. (1989). These waters 

would also have high contents of nutrients and be high in fCO2, however, primary 
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Fig. 5.18 Temperature (a) and surface fCO2 (b) for all years and surface fCO2 

between Port Sudan harbor and Sanganeb Island in 2007 (c). Units are in [°°°°C] 

and [µµµµatm]. 
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production could quickly lower the nutrient and fCO2 values before warming. The 

result would be colder surface water low in fCO2 in the northern parts consistent with 

the observation (Fig 5.18a). 

 

In the coastal data acquired in 2007, the lowest fCO2 values were found near the 

coastline especially in Port Sudan harbor inlet which is the station from which first 

sample was collected, see Fig. 5.18c. From this station, fCO2 values increase and 

reached a maximum value located relatively close to Sanganeb Island. After that fCO2 

values decrease fast towards Sanganeb. The observed fCO2 distribution between Port 

Sudan and Sanganeb might be explained by the fact that Sanganeb is a coral reef 

island and the Sudanese coastline is protected by coral reef wall, which makes it 

reasonable to assume that the biological production is high in these regions which 

reduce the fCO2 values. 

 

 

Fig. 5.19 Relationship between fCO2 and SST for all data. The z axis shows the 

different years.  
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Fig. 5.19 shows that there is a positive relationship between fCO2 and SST, however, 

there is a substantial scatter in the data. The scatter could be due to seasonal, 

interannual, and/or spatial variability. A closer look into the 1982 data revealed no 

difference between data acquired in June (summer) and those acquired in October 

(early winter). Therefore, seasonal variability is the least probable source of the 

scatter in the relationship and, henceforth, the seasonal variability in sea surface fCO2 

is neglected. With respect to the interannual variability, we note that the fCO2 values 

obtained in 2007 are highest, those from 1977 and 1982 are lowest, and those from 

the 90ties fall in the middle. This implies that, at least on decadal time scales, there is 

an increase in surface fCO2 in the area, an observation which is consistent with the 

increase expected from the invasion of anthropogenic carbon into the surface waters 

of the Red Sea (Papaud and Poisson, 1986). On subdecadal time scales, no consistent 

increase in fCO2 can be seen from Fig. 5.19 since fCO2 values for 1991 and 1992 are 

above those from 1999. Thus, it is reasonable to assume that the increase expected 

from the input of anthropogenic carbon can not be the only factor governing the 

interannual variability in fCO2 in the area; biology, mixing, or air-sea exchange of gas 

and heat, all can play roles as well. This issue cannot be comprehensively pursued 

further due to the scarcity of data used in this thesis. Nevertheless, the effect of 

changes in SST on the interannual variations in fCO2 was investigated by using data 

acquired in the center (around 19.54 - 20°N) of the Red Sea. Figure 5.20 is a plot of 

SST and oceanic and atmospheric fCO2 over the years for this geographic region. We 

note that there is a consistent increase in all parameters. The rate of increase is about 

0.14°C yr-1 for SST and about 1.6 µatm yr-1 for the oceanic fCO2. Specifically it is 

noted that the range of the temperature (about 27 to 32°C) represents half of the 

observed temperature range (Fig. 5.19). Theoretically this temperature range of 4.2°C 

should produce an increase in fCO2 of about 48 µatm. Fig. 5.20 shows that about 70% 

of the expected increase in fCO2 is observed. The rest might be masked by some other 

opposing processes. Anyhow, the data indicates that the area is very dynamic and the 

thermodynamic effects could be dominating factors of the interannual fCO2 

variations. 

 

An additional observation from Fig. 5.20 is that over the years the atmospheric fCO2 

incidentally has increased by the same rate (about 1.5 µatm yr-1) as the oceanic fCO2, 
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which is brought by SST increase. Therefore, the thermodynamic forcing for the air-

sea CO2 flux (delta fCO2; section 5.4) in the area remain the same over the years. 
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Fig. 5.20 Interannual variability of fCO2 (water and air) and sea surface 

temperature (SST) on the location around 19.54 - 20°°°°N, 37.27 - 38.50°E in the 

central part of the Red Sea. 

 

5.4 �fCO2 values 

All previous studies (Weiss, et al., 1984; Beauverger et al., 1984a; Souvermezoglou et 

al., 1989; Metzl et al., 1989) considered the Red Sea as a source for atmospheric CO2 

because fCO2 values were lower in the atmosphere than in the water, which means 

that �fCO2 [fCO2
sea- fCO2

atm] is positive. In this study, we also have determined that 

�fCO2 values are positive all over, except in 1991 and 1992, when negative �fCO2 

values have been observed (Fig. 5.21a) in the northern part of the basin. These 

negative values change the nature of the northern Red Sea from being a source of 

atmospheric CO2 to become a sink, however, our dataset is unfortunately too scarce to  
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Fig. 5.21 �fCO2 values for all years (a), and �fCO2 values between Port Sudan 
harbor and Sanganeb Island in 2007 (b). Units are in [�atm].  
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determine if these negative �fCO2 values in the north are being repeated regularly. 

�fCO2 values in the Red Sea over all the years ranged between -40 and 80 �atm (Fig. 

5.21a). In general, high values are found from the centre and southwards and low 

values are found in the northern part of the Red Sea. The highest �fCO2 values (about 

80 �atm) in all our data are observed in 2007 relatively close to the Sanganeb Island 

(5.21b).  

 

5.5 Air-sea CO2 fluxes  
As mentioned earlier, during 1977, 1982, 1999, and 2007 the �fCO2 were positive and 

the CO2 flux were directed into the atmosphere everywhere in the Red Sea. But in 

1991 and 1992, in the north, the direction of CO2 flux was from air to sea. Using wind 

speeds as in Fig. 5.22a and a gas transfer relationship from Nightingale et al. (2000), 

NG00, positive fluxes ranging from zero to 50 mmol CO2 m-2 day-1 and negative 

fluxes ranging from -1 to -20 mmol CO2 m-2 day-1 were calculated, see Fig. 5.22b. 

Relative high wind speeds were observed in 1991 ranging between 5 and 7.5 m s-1 

(Fig. 5.22a), however, the �fCO2 seems to be the major contributor to the flux at least 

for the years 1991 and 1992 as both these years showed the highest �fCO2 and the 

largest calculated fluxes in the center and southern part of the Red Sea (Fig. 5.21a and 

5.22b). 

 

A remaining question is if the air-sea exchange can explain the nDIC variation in the 

surface (Fig. 5.10b). Using a MLD of 20 m, a residence time of carbon in the area of 1 

year, and an observed flux variation of 1 mmol CO2 m-2 day-1 (from MEROU-B data 

1982), a change in nDIC (according to ∆DIC = Flux*Residence time/MLD) of about 

18 µmol kg-1 is estimated. In magnitude, this is comparable to the observed change in 

surface nDIC in Fig. 5.10b, however there is no correlation between surface nDIC and 

flux of carbon (Fig. 5.23). The reason for this is probably because both the computed 

nDIC and flux contain significant random errors. In example, propagation of the DIC 

measurement errors (±2 µmol kg-1) and random errors connected to the assumed DIC 

vs. salinity intercept (Section 5.2.1) result in a random error of ±6 µmol kg-1 

associated with the nDIC values. This represents 50% of the observed variation in 

surface nDIC (±12 µmol kg-1; Fig. 5.10b). Similarly, propagation of the errors in the 

pCO2 data (±14 µatm) result in a random error of about 0.2 mmol m-2 day-1, which is  
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Fig.5.22 Wind speed in m s-1 (a) and NG00 CO2 flux in mmol CO2 m-2 day-1 (b) 

for all the years. 
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about 20% of the flux variations based on the MEROU-B data. From this we can say 

that an eventual relationship between nDIC and carbon flux is hidden due to random 

errors in the parameters. 
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Fig. 5.23 Relationship between nDIC and NG00 CO2 flux in the surface water 

based on MEROU-B data. 
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6. Summary and future work 
 

The distribution of the Red Sea inorganic carbon cycle parameters has been studied 

based on datasets from  six different years; AT, DIC, oxygen, and nutrients from the 

whole water column from 1977 and 1982, surface fCO2 from 1991, 1992, and 1999, 

and surface DIC and AT from 2007. Climatological data were also used to describe 

the basin.  

 

The Red Sea is a strong evaporation area resulting in one of the saltiest water bodies 

in the world ocean, and on the shelves and in the north warm deep water is formed. In 

the south the primary production is stronger compared to the north due to large 

nutrient influx from the Gulf of Aden. On the other hand the water below the mixed 

layer just north of Bab Al Mandab is close to anaerobic conditions due to high rate of 

remineralization, and denitrification most likely takes place. Processes like biological 

production/remineralization (soft tissue and hard parts), calcium carbonate 

sedimentation, air-sea gas exchange, and evaporation/precipitation have been 

considered when the variation in the different carbon parameters has been examined. 

 

Sea surface temperature (SST) ranged from 26°C in the north to 30.5°C between 

15°N and 20°N. Three distinct temperature regimes were observed; Bab Al Mandab 

strait where relatively cold Gulf of Aden water enters into the Red Sea, the center of 

the Red Sea which showed the highest SST due to wind convergence, and the 

northern part which showed relatively low SST due to net evaporation. The vertical 

distribution showed temperatures decreasing from surface to deep water, with an 

intermediate water temperature between 22°C and 26°C and a deep water temperature 

of 21.5°C. Sea surface salinity (SSS) increased from about 36 in Bab Al Mandab to 

about 41 in the north as a result of net evaporation. Salinity was increasing with depth 

to a maximum value of about 40.5. 

 

Salinity and nitrate variations in the area have been used to explain the variations 

observed in AT, and it turned out that biological activity like soft tissue 

formation/remineralization controlled up to 20 µmol kg-1 of the alkalinity variations in 

this area, while salinity variations were responsible of 115 µmol kg-1. Calcium 
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carbonate sedimentation removed alkalinity from the deep water. Additionally, the 

sedimentation together with mixing between surface and deep waters introduced an 

intercept of 1300 µmol kg-1 in the surface AT vs. salinity relationship.  

 

In the surface, DIC was governed mainly by salinity variations and DIC values 

adjusted to constant salinity (nDIC) were uncorrelated with nutrient concentrations. 

For the deep water, on the contrary, nDIC showed a strong positive correlation with 

nutrients indicating that the effect of biological processes seemed to dominate in the 

depth. The ratios of N:P, nDIC:P and nDIC:N were 102.4 and 5.1, respectively. About 

25% of the surface DIC variation was assumed to be due to air-sea gas exchange, 

based on the amount of estimated variation in air-sea CO2 flux for the 1982 data. 

However, it was not possible to uncover any relationship between surface nDIC and 

the carbon flux, and this was probably due to significant random errors associated 

with both nDIC and the flux values.  

 

The fCO2 of the Red Sea was generally higher than atmospheric fCO2 and positively 

correlated with the SST. Significant scatter was observed in the SST- fCO2 

relationship, and this was due to interannual variability. Two additional effects of the 

interannual variability were that (i) in 1991 and 1992 the fCO2 in the northern part of 

the Red Sea was lower than atmospheric fCO2 due to stronger NNW wind and 

upwelling of cold sub-surface water, and (ii) in the center of the Red Sea the surface 

fCO2 increased by about 48 µatm between 1977 and 2007, which was driven by a SST 

change of 4.2°C in this period of time.  

 

The Red Sea was a source for atmospheric CO2 throughout the period of study, except 

for the years 1991 and 1992 in the northern part where the CO2 flux was directed into 

the ocean. This particular situation in the north was connected to extraordinary 

weather conditions during these two years. The magnitude of the flux was in general 

small, with exception for 1991 and 1992. 

 
A challenge when working with this area is of course the amount of available carbon 

data, and in the future it would be of importance to increase the sampling rate of the 

Red Sea. This might give the required resolution to determine the seasonal variation 
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for the different carbon parameters, and from this it might be possible to e.g. estimate 

the biological production in this area, and determine any seasonal development in 

fCO2. Another issue to be resolved is the calcium carbonate sedimentation which 

needs to be understood in more detail. Further, it would be interesting to follow up on 

the development of the SST and if the determined relationship with fCO2 will persist. 

Finally, an interesting topic would be to determine if the event when the northern part 

of the Red Sea changed from being a source of atmospheric CO2 to become a sink in 

1991-92 is an event which occurs periodically. 

 

 

 

 

 
 
 
 
 
 
 
 
 
 
 

 
 
 
 
 

 



 72 

7. References 
 

Anderson, A., and D. Dyrssen (1994), Alkalinity and total carbonate in the Arabian 

Sea. Carbonate depletion in the Red Sea and Persian Gulf, Marine chemistry, 47, 

195-202. 

Archer, D.E, H. Kheshgi, and E. Maier-Reimer (1997), Multiple timescales for 

neutralization of fossil fuel CO2, Geophysical Research Letters, 24, 405-408. 

Baptiste, P. Jean, Fourre  ́E., N. Metzl, J.F Ternon, and A. Poisson (2004), Red Sea 

deep water circulation and ventilation rate deduced from the 3He and 14C tracer 

fields, Journal of Marine Systems, 48 37–50. 

Bradshaw,A. L., and P.G. Brewer (1980), The titration of seawater with strong acid, 

Technical report, Woods Hole Oceanographic Institution. 

Brewer, P. G., G. T. F. Wong, M. P. Bacon, and D. W. Spencer (1975), An oceanic 

calcium problem, Earth and Planetary Science Letters, 26, 81-87. 

Broecker, W.S. (1991), The Great Ocean Conveyor. Oceanography, 4, 79-89. 

Caldeira, K., and Wickett, M. E. (2003), Anthropogenic carbon and ocean pH, Nature 

425, 365. 

Carpenter, J. H. (1965), The Chesapeake Bay institute technique for the Winkler 

dissolved oxygen method, Limnol. Oceanogr., 10, 141-143. 

Cember, R.P. (1988), On the sources, formation, and circulation of the Red Sea deep 

water, J. Geophys. Res. 93, 8175–8191. 

Cochran, J. R., Red Sea, in AccessScience@McGraw−Hill, 

http://www.accessscience.com, DOI 10.1036/1097−8542.576200 

Danckwerts, P.V. (1951), Significance of liquid-film coefficients in gas absorption, 

Ind. Egng. Chem.,43,1460-1467. 

Deacon, E. L. (1977), Gas transfer to and across an air-water interface, Tllus, 29,363-

374. 

Dickson, A. G. (1981), An exact definition of total alkalinity and a procedure for the 

estimation of alkalinity and total inorganic carbon from titration data, Deep-Sea 

Res., 28A:609-623. 

DOE, (1994). Hand book of methods for the analysis of the various parameter of the 

carbon dioxide system in sea water, version 2, ( eds, A. G. Dickson and C. Goyet) 

ORNL/CDIAC-74. 



 73 

Doney, S.C. (2006), The Dangers of Ocean Acidification, Scientific American, 58-65. 

Dowidar, N. M. (1984), Primary Productivity, standing crop and species composition 

of the phytoplankton in the Red Sea .Symposium of coral Reef Environments of 

the Red Sea ,14-18 Abshacts. 

Dyrssen, D., And C. G. Sillen (1967), Alkalinity and total carbonate in sea water, a 

plea for P. T independent dat . Tellus, 19, 113-121. 

Edwareds, F.G. (1987), Climate and oceanography. In Red Sea (Edwareds, A. J., 

Head, S. M.eds), Pergamon press, Oxford, pp.45-70. 

Elhag, A. Gadir D. (1999), A report on Biodiversity Assessment ,Threats & 

Sustainability of Marine Ecosystems in Sudanese Red Sea ,Red Sea University,4-

8. 

Enting, I.G., T.M.L. Wigley, and M. Heimann (1994), Future emissions and 

concentrations of carbon dioxide: Key ocean/atmosphere/land analyses. Division 

of Atmospheric Research, Commonw. Science and Ind. Research Organisation, 

Melbourne, Victoria. 

Eshel, G., M.A. Cane, and M.B. Blumenthal (1994), Modes of subsurface, 

intermediate, and deep water renewal in the Red Sea, J. Geophys. Res. 99, 15941– 

15952. 

Feely, R. A., C. L. Sabine, T. Takahashi, and R. Wanninkhof (2001), Uptake and 

Storage of Carbon Dioxide in the Ocean: The Global CO2 Survey, Oceanography, 

14(4), 18–32. 

Friis, K., A. Körtzinger, and D. W. R. Wallace (2003), The salinity normalization of 

marine inorganic carbon chemistry data, Geophys. Res. Lett., 30, 1085, 

doi:10.1029/2002GL015898. 

Heinze, C., E. Maier-Reimer, and K. Winn (1991), Glacial pCO2 reduction by the 

World Ocean - experiments with the Hamburg Carbon Cycle Model, 

Paleoceanography, 6, 395-430. 

Higbie, R. (1935), The role of absorption of a pure gas into a still liquid during short 

period of exposure, Trans. Am. Inst. Chem. Engr. 35, 365-373. 

Honjo, S., and R. A. Weller (1997), Monsoon winds and carbon cycles in the Arabian 

Sea, OCEANUS, 24-28. 

IPCC, 2001. Climate Change 2001: Synthesis Report. A Contribution of Working 

Groups I, II, and III to the Third Assessment Report of the Integovernmental 

Panel on Climate Change. Watson, R.T. and the Core Writing Team (eds.) 



 74 

Cambridge University Press, Cambridge, United Kingdom, and New York, NY, 

USA, 398 pp. 

Johnson, K. M., A. E. King, and J. M. Sieburth (1985), Coulometric TCO2 analyses 

for marine studies: An introduction, Mar. Chem., 16, 61–82. 

Johnson, K. M., J. M. Sieburth, P. J. Williams, and L. Brandstrom (1987), 

Coulometric total carbon dioxide analysis for marine studies: Automation and 

calibration, Mar. Chem., 21, 117– 133. 

Lewis, E., and D. W. R. Wallace (1998), Program Developed for CO2 System 

Calculations. ORNL/CDIAC-105, Carbon Dioxide Information Analysis Center, 

Oak Ridge National Laboratory, U.S. Department of Energy, Oak Ridge, 

Tennessee. 

Liss, P. S., and W. G.  N. Slinn (1983), 'Gas transfer: Experiments and geochemical 

implications 'In: Air -Sea of gases and particles, Redial, 241-298. 

Liss, P. S., and L. Merlivat (1986), Air- Sea gas exchange rates: introduction and 

synthesis .In: The Role of Air-Sea Exchange in Geochemical Cycling, (ed 

.P.Buat-Menard).NATO ASI Series C: Mathematical and Physical Science 

185,D.Reidel Publishing Company .pp.113-127 . 

Körtzinger, A. (1999), Determination of carbon dioxide partial pressure (pCO2), In: 

Methods of Seawater Analysis (eds.: K. Grasshoff, K. Kremling, M. Ehrhardt), 

Wiley-VCH, pp149-158. 

Maier-Reimer, E., and K. Hasselmann (1987), Transport and storage of CO2 in the 

ocean - An inorganic ocean-circulation carbon cycle model, Climate Dynamics, 2, 

63-90. 

Maillard, C., and G. Soliman (1986),  Hydrography of the Red Sea and exchanges 

with the Gulf of Aden in summer. Oceanologica Acta 9 3, pp. 249–269. 

Mehrbach, C., C. H. Culberson, J. E. Hawley, and R. M. Pytkowicz (1973), 

Measurement of the apparent dissociation constants of carbonic acid in seawater 

at atmospheric pressure. Limnology and Oceanography 18:897-907. 

Metzl, N.,B. MooreIII, A. Papaud, and A. Poisson (1989), Transport and carbon 

exchange in Red Sea inverse methodology, Global Biogeochemical Cycle, Vol. 3, 

No. 1, pages 1-26. 

Millero, F. J., K. Lee, and M. Roche (1998), Distribution of alkalinity in the surface 

waters of the major oceans, Mar. Chem., 60:111. 

 



 75 

Morcos, S.A. (1970), Physical and chemical oceanography of the Red Sea, 

Oceanography and Marine Biology Annual Review 8 pp. 73–202. 

Morcos, S.A., and G.F. Soliman (1974), Circulation and deep water formation in the 

northern Red Sea in winter, L’oce´anographie Physique de la Mer Rouge, (IAPSO 

Symposium), vol. 2, Publications du CNEXO, Paris, pp. 91– 103. 

Murray, S., P. and W. Johns (1997), Direct observations of seasonal exchange through 

the Bab el Mandab Strait, Geophys. Res. Lett. 24(21): 2557-2560. 

Nasr, D. H., M. M. Osman, AG.Elhag,F.M. Idris, and M.E. Hamza (1987), 

Distirbution of fauna and flora in relation to physico-chemicl variation and oil 

pollution in Port Sudan area, A report submitted to PERSGA: pp.30.  

Neumann, J. (1952), Evaporation from the Red Sea, Isr. Explor. J., 2, 153– 162. 

Nightingale, P.D., G. Malin, C.S. Law, A.J. Watson, P.S. Liss, M.I. Liddicoat, J. 

Boutin, and R.C. Upstill-Goddard (2000), In-situ evaluation of air-sea gas 

exchange parameterizations using novel conservative and volatile tracers, Global 

Biogeochem. Cycles, 14, 373-387. 

Omar, A., T. Johannessen, R. Bellerby, A. Olsen,  L. Anderson, and C. Kivimàe 

(2005), Sea ice and brine formation in Storfjorden: implications for the Arctic 

winter time air-sea CO2 flux. In Helge Drange et al. (editors) "The Nordic Seas: 

An integrated Perspective oceanography, climatology, and modelling", American 

Geophysical Union, Washington DC, pp. 177 - 187.  

Papaud, A., and A. Poisson (1986), Distribution of dissolved CO2 in the Red Sea and 

correlation with other geochemical tracers, J. Mar. Res., 44, 385-402. 

Patzer, W. C. (1974), Wind-induced reversal in the Red Sea circulation, Deep Sea 

Res., 21, 109-121.  

Patzert, W. C. (1974), Wind-induced reversal in Red Sea circulation, Deep Sea Res., 

21, 109– 121. 

Pedgley, D. E. (1974), An outline of the weather and climate of the Red Sea, in 

L’Oceanographie Physique de la Mer Rouge, pp. 9 – 27, Cent. Natl. pour 

l’Exploitation des Oceans, Paris, 1974. 

Poisson, A., N. Metzl, C. Brunet, B. Schauer, B. Brés, D. Ruiz-Pino, and F. Louanchi 

(1993), CO2 sinks and sources in the Indian and Southern Oceans during the year 

1991, J. Geophys. Res. 948, C12, 22759-22778. 

Pratt, L., J., W. Johns, et al. (1999), Hydraulic interpretation of direct velocity 

measurements in the Bab el Mandab Strait, J. Phys. Ocean. 29: 2769-2784. 



 76 

Privett, D. W. (1959), Monthly charts of evaporation from the Indian Ocean 

(including the Red Sea and the Persian Gulf), Q. J. R. Meteorol. Soc., 85, 424– 

428. 

Quadfasel, D., and H. Baudner (1993), Gyre-scale circulation cells in the Red Sea, 

Oceanol. Acta 16, 221–229. 

Redfield, A. C., Ketchum, B. M. and Richards, F. A. (1963), The influence of 

organism on the composition of sea-water. In Hill, M. N. (ed.), The Sea, Wiley, 

New York, pp. 26–77. 

Riley, J.P., and R. Chester (1971), Introduction to Marine Chemistry, Academic Press 

London and New York, 465p. 

Sabine, C.L., R. Feely, N. Gruber, R. Key, K. Lee, J. Bullister, R. Wanninkhof,C. S. 

Wong, D. W. Wallace, B. Tilbrook, F. J. Millero,  T. Peng, A. Kozyr, T. Ono, A. 

Rios (2004), The oceanic sink for anthropogenic CO2, Science 305, 367-371. 

Siddall, M.  , D.A. Smeed, S. Mathiessen , and E.J. Rohling (2002), Exchange flow 

between the Red Sea and the Gulf of Aden, The 2nd Meeting on the Physical 

Oceanography of Sea Straits, Villefranche, 15th-19th April 2002.  

Sigman, D., and E. Boyle (2000), Glacial/interglacial variations in atmospheric 

carbon dioxide, Nature 407 859-869. 

Silva, da A. M., C. C.Youngand, S. Levitus, Atlas of Surface Marine Data(1994), vol. 

1, Algorithms and Procedures, NOAA Atlas NESDIS 8, 83 pp., U.S. Dep. of 

Commer., NOAA, NESDIS, Washington, D. C. 

Smeed, D. A. (1997), Seasonal Variation of the flow in the strait of Bab el Mandab, 

Oceanologica Acta 20 6, pp. 773–781. 

Sofianos, S. S., and W. E. Johns (2002), An Oceanic General Circulation Model 

(OGCM) investigation of the Red Sea circulation, 1, Exchange between the Red 

Sea and the Indian Ocean, J. Geophys. Res., 107, 3196, 

doi:10.1029/2001JC001184. 

Sofianos, S. S., W. E. Johns, and S. P. Murray (2002), Heat and freshwater budgets in 

the Red Sea from direct observations at Bab el Mandeb, Deep Sea Res., in press, 

2002. 

Sofianos, S.S., and W.E. Johns (2003), An Oceanic General Circulation Model 

(OGCM) investigation of the Red Sea circulation: 2. Three-dimensional 

circulation in the Red Sea, J. Geophys. Res., 108, NO. C3, 3066, 

doi:10.1029/2001JC001185. 



 77 

Souvermezoglou, T., N. Metzel, and A. Poisson (1989), Red Sea budgets of salinity, 

nutrients and carbon calculated in the Strait of Bab Al Mandab during summer 

and winter seasons, Journal of Marine Research, 47,441-456. 

Thiel, H., and H. Weikert (1984), Biological oceanography of the Red Sea oceanic 

system, Deep Sea Res., 31, 829-831,1984.  

Tragou, E. C. Garrett, R. Outerbridge, and C. Gilman (1999), The heat and freshwater 

budgets of the Red Sea, Journal of Physical Oceanography 29, pp. 2504–2522. 

Treguer, P. and P.Le Corre (1975), Manuel d’analyse des sels nutritifs dans I' eau de 

mer. Laboratoire d’Océanographie Chimique, Université de Bretagne Occidentale. 

Wanninkhof, R. (1992), Relationship between gas exchange and wind speed over the 

ocean, J. Geophys. Res., 97, 7373-7381. 

Wanninkhof, R., and W.M. McGillis (1999), A cubic relationship between gas 

transfer and wind speed, Geophys. Res. Lett., 26, 1889-1893. 

Weikert, H. (1982), The vertical distribution of plankton in relation to habitat zones in 

the area of Atlantis II Deep, Ecol. Prog. Ser. 8:129-143. 

Weiss, R. F. (1974), Carbon dioxide in water and sea water: the solubility of a non -

ideal gas, Mar. Chem., 2:203-215. 

Weiss, R. F., W. S. Broecker, H. B. Craig, and D. W. Spencer (1983), Geosecs Indian 

Ocean Exepedition, 5, Hyd. data. Nat. Sc. Found., U.S. Government print. Off. 

Werner, F., and K. Lange (1975), A Bathymetric Survey of the Sill Area between the 

Red Sea and the Gulf of Aden, Geol. Jahrb. D 13: 125-130.  

Whitman, W.G. (1923), The two -film theory of gas absorption, Chem. metall . 

Engng. , 29,146-148. 

Woelk, S., and D. Quadfasel (1996), Renewal of deep water in the Red Sea during 

1982– 1987, J. Geophys. Res., 101, 18,155– 18,165. 

Wüst, Georg. (1934), Salzgehalt und Wasserbewegung im Suezkanal,  Natur 

wissenschaften, 22 Jahrg., Heft 36, p. 447–50. 

Yegorov, N. I. (1950), Calculation of the heat balance of the Red Sea, Meteorol. 

Igidrol., 3, 49– 56. 

Zeebe, R.E., and D. Wolf-Gladrow (2001), CO2 in Seawater: Equilibrium, Kinetics, 

Isotopes, Elsevier Oceanography Series: 2001.   


